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INTRODUCTION

During the past several years, many observations con-
cerning the composition and structure of the upper atmosphere
have been made. Solar radiation in the far ultraviolet and x-
ray regions has been observed. The distribution of molecular
oxygen as a function of altitude has been determined. The
density of the atmosphere has been measured by means of
sounding rockets to 200 km and by satellites to 1500 km, The
state of the ionosphere, studied by means of sondes to the
highest altitudes, yields the vertical distribution of electrons.
Finally, mass spectrometry observations reveal the existence
of ions whose vertical distribution is different from the distri-
bution of the neutral constituents.

There results from this accumulation of data an extensive
documentation from which it is not always possible to draw
final conclusions. This condition is illustrated by the fact that
different interpretations often are given for the same observa-
tions. Thus, the general picture of the composition and struc-
ture of the upper atmosphere differs according to the de-
scribers, It is convenient to define a suitable set of simple
physical parameters and to base the model on these elemen-
tary physical conditions in order to obtain a simple picture of
the structure of the atmosphere.

GENERAL DESCRIPTION

Before setting forth the exact conditions of the upper at-
mosphere, it is necessary to refer to those which determine
the characteristics of the lower atmosphere (altitudes up to
50 km), The lower atmosphere is divided into two regions: the
troposphere and the stratosphere. The troposphere is essen-
tially characterized by the decrease of temperature with alti-
tude above the earth which is the source of heat. The strato-
sphere starts from the tropopause (minimum temperature)
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with a layer where the temperature does not decrease with
altitude but increases in a manner which leads to a maximum
temperature of the order of 0°C at the stratopause. If the
altitude of the tropopause varies with the latitude (12 + 6 km)
and depends in the middle latitudes on atmospheric conditions,
the same applies to the altitude of the stratopause (50 + 5 km).
Moreover, it is clear that, if the temperature reaches a
maximum in the stratopause, a heat source must be associated
with it. This heat results from the absorption of ultraviolet
solar radiation by the atmospheric ozone.

Above the stratopause, temperature decreases with
altitude to a minimum which may be as low as 160°K. This
layer, called mesosphere, extends to about 85 + 5 km. This
level, corresponding fo the mesopause, constitutes the lower
limit of the upper atmosphere. In fact, up to the mesopause,
the composition of the atmosphere is characterized by constant
proportions of nitrogen (N, = 78%), oxygen (0, = 21%),
and argon (A = 1%). Mixing is the essential characteristic,
and the molecular mass remains constant; thus the name
homosphere.

In the homosphere, the prircipal constituents are subject

to a vertical distribution which depends upon the law of the
static atmosphere

dp (1)

where p is the pressure which varies with altitude z, p=nm

is the density, corresponding to a concentration n and a constant
molecular mass m, and g is the acceleration of gravity.
Moreover, the pressure is that of a perfect gas,

p=nkT (2)

where n is the total concentration, T the absolute temperature,
and k the Boltzmann constant.

From Eqgs. (1) and (2), the general vertical distribution
law of the atmosphere may be written as




TERRESTRIAL ATMOSPHERE 5

Thus, one obtains a relationship between pressure,
density, and temperature characterized by the parameter H
which is the scale height,

H = kT/mg (4)
with

dH dT dg (43.)

H T g '

The minor constituents, such as H,0,0,,CH,,N,0,NO,, etc.,
do not necessarily follow the hydrostatic distribution and are
subject, particularly in the mesosphere, to photochemical
reactions which cause changes in the composition.

Above the mesopause, the physical conditions change.

In the first place, molecular oxygen undergoes photodissocia-
tion caused by ultraviolet radiation with a wavelength shorter
than x = 2400A, and, in particular, in the region of A < 1750A.
Second, the effect of diffusion becomes more important than
the mixing effect and thus the vertical distribution of the
principal constituents must be modified. Therefore, we reach
the heterosphere where the average molecular mass is no
longer constant and (4a) must be replaced by:

@ AT dn e
E- T m T g (4b)
Thus, in defining the gradient of the scale height by
dH
B= o (5)

the general equation of the density of the atmosphere, (3) and

(5),

(6)

depends on the ratio di/H detined by (4a) in the case of the
homosphere and by (4b) in the case of the heterosphere.

The variation of pg with altitude in the heterosphere in-
dicates, first of all, that between 100 km and 200 km the in-
crease of H with altitude is such that a rapid increase of
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temperature is necessary. Here we find the thermosphere,
which is characterized by large temperature gradients.
Specifically, at an altitude of 150 km according to these
conditions, one must find the following extremes:

T (°K) 1000°K 500°K
dT/dz 20°K/km 5°K /km

Such gradients can only be explained by a heating due to
the absorption of ultraviolet rays with A <100 A. The in-
tensity of this radiation depends upon solar activity and, there-
fore, with variable heating, the temperature and its gradient
must be different according to the conditions of solar activity.
They will be highest in the course of maximum solar activity
and lowest during minimum solar activity. Moreover, the
propagation of heat in the upper atmosphere is effected es-
sentially by conduction, and a tendency.towards an isothermal
condition must be seen at a certain altitude, defined by the
word thermopause, above which the atmosphere is practically
isothermal.

Finally, the heating during the day by solar ultraviolet and
cooling by conduction during day and night leads to a diurnal
variation of atmospheric temperature. Thus, there exists a
diurnal variation of the density associated with a temperature
variation,

Above the thermopause, Eq. (6) can again be applied,
but in place of (4a and b) one writes:

= 1 = (4c)

indicating that the gradient B depends essentially on the
variation of the molecular mass m. . Thus, above 500 km,
that is above the thermopause, the diffusion is practically
the only effect. The action of diffusion is such that from
100-500 km, a minor constituent, such as helium, has its
relative abundance increase with respect to the principal
constituents (0,, N, and 0). This relative increase produces
a helium belt in the vicinity of 1000 km. Finally, atomic
hydrogen, the lightest element, is dominant at the highest
altitudes.

The application of Eq. (6) cannot, however, be made
above a certain limit. In the first place, the effect of centifugal
force must be considered and Eq. (6) must be corrected to in-
clude the effect of the rotation of the atmosphere. Second, for
the light elements, such as helium and hydrogen, one must
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take account of their escape from the earth's atmosphere
starting in the region where collisions no longer occur. This
region, where the effect of collisions is negligible, is called
the exosphere. The absence of collisions practically, does

not change, with regard to the hydrostatic distribution, the
vertical distribution of the heavy elements, such as nitrogen
and oxygen. One finds, in fact, for T = constant, m = constant,
(4b),

dH dg 2dr (4d)

H ? '

if r be the distance from the center of the earth. Therefore,
for a constituent of mass m,

a r-a
(- e )
P1 = @
pl,a

where a is the starting point r=a. Equation (7) for the
density leads to

TR (8)

a

with a sufficient approximation if H_ is not too large. This is
the case for nitrogen and oxygen but not for helium and
hydrogen.

At a very great distance from the center of the earth, in
a rotating atmosphere, one must modify (7) by writing:

2
P a - ( De
p—:a = exp l:— (:) s {1 - ey (r+ a) r sin? 0, }] (9)

“1a

where o, is the angular velocity of the earth and 6, represents
the colatitude.

However, when (8) is not applicable because of the large
value of H,,, that is for a value of the ratio r/H approach-
ing unity, one obtains a different formula for the vertical
distribution (cf. References (1) to (6)). One can write in place
of Eq. (7), for example(6),

A [6)

1 5\
no— (a/l‘)2 2

]}3“(1“%) . tra/e My, i)

r-a
Hys
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indicating a more rapid decrease of the density than that
resulting from the hydrostatic distribution. This law is
applicable to helium and even more so to hydrogen at
altitudes above 3000 km.

As a consequence of the diffusion, the terrestrial atmo-
sphere continues to exist up to the highest altitude in the form
of neutral particles (He, H). However, it is necessary to in-
troduce the word ionosphere in order to include the effects
of physical conditions adapted to ions and electrons. These
are, in effect, charged particles which came from the
neutral constituents of the atmosphere, subjected to electro-
static conditions and the terrestrial magnetic field. The
ionosphere starts at about 50-70 km due to the effect of
primary cosmic rays (Nicolet and Aikin, 1960), and the
electron concentration is on the order of 100 electrons cm™S,
Under the influence of the most penetrating solar radiation,
x-rays of A < 10A and Lyman- « to 1216A, the concentra-
tion reaches a maximum of about 1000 electrons-cm-3 in the
D region near 85 km.

In the E region, there appears a maximum concentration
on the order of 100, 000 electrons cm-3 between 100 and 120
km as a result of the absorption of x-rays from 10 to 100 A
and of ultraviolet rays with A > 910 A. Finally, the principal
peak, corresponding to a concentration on the order of
1, 000, 000 electrons cm‘3, appears above 300 km and is due
to the entire ultraviolet spectrum. In fact, this peak is
associated with the effect of the diffusion of the ions. That
is why, below the F, region of the ionosphere, the physical
conditions are represented by the conditions of photoionization.
Above, there are conditions of diffusion leading to a gradual
increase with altitude of the effect of the light ions (He', H")
with respect to the heavy ions (N;, 05, No*, 0"). Thus, the
terrestrial atmosphere is terminated by the metasphere,
indicating that the neutral elements (He, H) exist up to the
highest altitudes, and by the protosphere, signifying that at
the limit there are hydrogen ions. Finally, it should be em-
phasized that the term magnetosphere is used to designate
the extreme region where the effect of the magnetic field is
of prime importance on the particles whose speeds are
superthermal and do not follow from the distributions in the
field of gravity.

MOLECULAR DISSOCIATION

The transition from the homosphere to the heterosphere
is marked by molecular dissociation. Two molecules, 0, and
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Ny, are influenced by solar radiation which can dissociate and
ionize them.

The dissociation of molecular nitrogen (N, ~ N+ N) results
directly from a predissociation of the molecule and ionization
followed by ionic reactions which lead to nitrogen atoms. How-
ever, these atoms have a very short life time because they
recombine by the following double process(g):

N+ 0, = 0+ NO (11)
and
N+NO—- O+ N, (12)

The result is that the molecule of nitrogen is practically
not dissociated and that the atom of nitrogen is a minor con-
stituent in the thermosphere.

The molecule of oxygen subjected to solar radiation is
easily dissociated at altitudes below 100 km. There is no
rapid process of reformation for molecular oxygen, because
the recombination of the atoms of oxygen depend essentially
upon a three-body process:

0+ 0+M=0y+M (13)

where M is the third body whose concentration decreases
rapidly with altitude. In taking account of the pressure at 100
km, we see immediately that the life time of an atom of oxygen
is several months.

Figure 1 shows the form in which the molecular dissocia-
tion must be viewed from one side of the mesopause to the
other. In the mesosphere, the conditions of photo-equilibri-
um, where the number of photodissociations is compensated
for by the number of recombinations, represent the daytime
conditions. After sunset, the concentration of atomic oxygen
decreases because of the rapid recombination. In the ther-
mosphere, the time necessary to attain photodissociation
equilibrium becomes very long and the transport by diffu-
sion plays an important role. Thus, the increase with alti-
tude of the atomic oxygen concentration is limited and a
concentration peak is reached between 90 and 100 km, Start-
ing from this peak, the molecular oxygen (molecular mass =
32) is subject to diffusion conditions and decreases more
rapidly than the atomic oxygen (molecular mass = 16).
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The vertical distribution of
molecular nitrogen remains
practically the same, be-
cause the molecular mass
of the air mixture corres-
ponds to M= 29 and that of
N, is M= 28.

As a consequence, one
obtains the following con-
ditions above the mesopause.
The vertical distribution of
atomic oxygen produced by
photodissociation depends
essentially on mixing and
diffusion processes. Some
variations may occur because
of major atmospheric move-
ments. Advection can cause
some changes if differences
of concentration exist at dif-

ferent latitudes and longitudes. . I

Dynamic transports can

change the structure and Figure 1. Dissociation of Molecular
vertical distribution while Oxygen Below and Above
recombination is taking place. the Mesopause

In any case, diffusion plays

an important role. It transports upward the O, molecules
which will replace those dissociated by the solar radiation or
in the course of chemical reactions with the ions. Also, the
diffusion process transports downward the oxygen atoms which
are formed above 100 km in order to allow a recombination in
the lower thermosphere.

Because of the several vertical transports, a permanent
equilibrium in the lower thermosphere cannot exist. Varia-
tions of concentration appear and the relationship n(0,)/n(0) at
a certain altitude undergoes fluctuations. However, one can
fix the conditions at the lower limits of the zone of diffusion by
adopting average conditions. Table I presents the value of the
concentration of the mesopause up to 150 km where the diffusion
is complete. One sees that the ratio n(0,)/n(0) 1is greater than
unity below 110 km, and that the change to n(0)/n(0,) > 1 occurs
at an altitude (columns 4 and 5 of Table I) which depends upon
the beginning of the diffusion equilibrium of atomic oxygen.
Molecular nitrogen remains the principal element to 150 km.

These general conclusions must 2xist whatever be the
atmospheric conditions. However, it is proper to insist upon
the sensitivity of the ratios n(0y)/n(0) and n(0,)/n(Ny) as a
function of the beginning of the diffusion equilibrium level. It
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Table I

Concentrations (cm'3) of Ny, 0, and 0

from the mesopause to 150 km

11

Alti- | Tem- n(N,) n(0,) n(0)**) n(0)***)
tude |perature -3 -3 -3 -3
(km) (°K) (em *) (cm ©) (cm ) (cm )
85 190 1.5x101% | 3. 9x1013 | 7. 2x1011
90 197 6.0x1013 | 1. 6x1013 | 1. 2x1012
95 203 2.5x1013 | 6.7x1012 | 2. 0x1012
100 210 1. 1x101% | 2. 2x1012 | 1. 4x1012
105 236 |4.4x1012 | 8.1x101! | 5. 9x101?
110 262 2.1x1012 | 3.4x1011 | 2. 7x1011 | 2. 7x1011
115 293 1.2x1012 | 1.6x10!! | 1.4x101! |1.8x101!
120 324 5. 8x1011 | 7. 8x1011 | 7. 6x1010 |5, 2x101?
130(%) | 447 1. 8x10t! | 2.2x1010 | 3.4x1010 |5.4x101°
140 | 570 7.6x1010 | 8.4x10° | 1.9x1010 | 2. 9x101°
150 | 690 3.8x1010 | 3.9x10° | 1.1x1010 |1.8x101°
(*) Above 120 km, the effect of the variation of temperature plays an important
role in the ratios of the concentrations. The example chosen in this table
corresponds to model 4 of Figure 2.
(**)  Diffusion equilibrium starts at 120 km.
(***)  Diffusion equilibrium starts at 110 km.

depends, in effect, on the atmospheric conditions bound to the

turbopause; that is, to the region where the atmospheric
motions leading to mixing stop diffusion.

DIFFUSION

In introducing the conditions of equilibrium of diffusion be-
low 120 km, we have seen how the concentration of atomic
oxygen overtakes that of molecular oxygen and augments it by
comparison with that of molecular nitrogen. If the beginning
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of the level of diffusion were displaced to a higher level, for
example from 120 to 150 km, the conditions would be different
at the high altitudes. Thus, calculations made for atmospheres
where the temperatures in the thermopause are between
21009K and 925°K permit the presentation of the variation of
the density as a function of altitude. We see in Figure 2 the
double effect of temperature and diffusion. A factor of the
order of 100 appears at 600 km. The effect of the beginning
of diffusion (120 or 150 km) is important, because it can cause
a variation of 100 percent in the density at 700 km. That is
why it is fitting to consider the form in which the phenomenon
of diffusion occurs.

Using the general formulas for diffusion derived by
Chapman and Cowling(g), we can write the diffusion flow, F,
for a minor constituent of mass m, in a gas of mass m in the
following form:

8a \,n/? 1 o,

(a/0% A+ m/mp) (m)V2 — — X

3
F = —
8 T/2 ™

7702

(62« (5= ) -1-a0)|

where n; and n are the concentrations of the constituents of
mass m; and m. The diffusion is characterized by the effective
cross-section m? where o is the collision radius and by a

(14)

0 T T LB AR EA G T s T T B % R

DENSITY VERSUS HEIGHT

g

DIFFUSION
(d) at 150 km
(D) at 120 km

ALTITUDE (km)

s
3

THERMOPAUSE TEMPERATURE
(6) 2100°K
300 (5) 1625
%) 1250
(1) 925

200 A A d L A " bl 1 7 - 1
0" 0" 0" 0™ 0"
DENSITY (gm cri®)

Figure 2. Vertical Distribution of Density According to Various
Temperatures Reached at the Thermopause and Diffusion Levels
at 120 km and 150 km, Respectively
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thermal diffusion factor ep. The atmosphere is characterized
by the temperature T, the scale height H, and its gradient g,
and by acceleration of gravity & and g, for the distances to the
center of the earth r and a

The parameter X is the parameter of the vertical distri-
bution of the constituent of mass m; and of concentration n,.
It is defined by

dn
L SN (15)
n, or n

If X = 1, we obtain the conditions for mixing. If the value of
X cancels the bracket of (14), the conditions for equilibrium of
diffusion are realized. Equation (14), then, indicates the
number of molecules or atoms that diffusion can transport.
Vertical transport will be toward higher or lower altitudes
according to the values of X and the ratio m;/m, which are the
most important terms in the bracket of (14).

If we consider the conditions in the homosphere, X=1,
then (14) can be written (r, = radius of the earth),

2
1/2 142
F =l.79x1013<i)> Y g H / M
r m, T n
, T 2H
m —aT ﬁ_ r

We see that diffusion can transport almost the same
number of particles to all the altitudes in the homosphere from
the level of the earth up to the lower thermosphere. The vari-
ations are due to the very small decrease of (r,/r?, to the dif-
ferences in temperature T2, and to the gradient of tempera-
ture when there is a coefficient of thermal diffusion. The
application of (16) to the minor constituents, such as argon,
helium, and atomic hydrogen at 100 km, where we have the
concentrations of Table I, permit us to write:

F100 km (A40> = =36 5% 1010 e ? el 17)
9 !

F100 km (He4) - +8.8x107 cm ° sec (18)

Floo km () = +2.5x107 em 2 sec’! (19)

if n(H) = 107 cm™ 3.
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If these flows do not differ much between 100 km and
120 km (only T varying), the diffusion times r are very dif-
ferent. We have, in effect, the following relative values:

Altitude (km) 120 115 110 105 100
™ 1 1,5 2.5 4.5 9

We thus, see how, from 100 km, the diffusion time de-
creases by about a factor of 10 in an altitude of only 20 km,
while the mixing time must increase toward the higher altitudes.
From this point, we reach very rapidly that region in which it
is impossible to have an exchange of mass sufficiently great to
counterbalance the effect of the diffusion. That is why we meet
again in t}ﬁ observatio s (Townsend and Meadows(

ohnson Pokunkov )) the variation of the ratio argon/
molecular mtrogen at 110 + 5 km.

The application of Eqs. (14) and (15) indicates then that we
pass from the state of equilibrium of mixing (X = 1) to the state
of equilibrium of diffusion when the bracket of (14) is zero. In
other words, the conditions of equilibrium of diffusion are
written as:

dny ng 2H,
m 2 (e 2 (o) o

for each constituent, because F=0.

If, in the exosphere, an escape flow exists, it is necessary
to take this into account. The result, then, is that in the steady
state case, it is necessary to have a balance between an atmos-
phere flow F and the escape ;. We then write, for an isother-
mal atmosphere:

Fc = Fy/m? . (21)

The maximum diffusion flow Fp yax is fixed by (16) while
the escape flow F at the critical level r; is expressed for a
constituent of mass m; by

. ) i “reiHye
Fe = ny, ¢ /2 Y2 1o g V2 L+ Hyglrg) o s (22)

where H,c = kT/mjg. The flow Fr depends above all on the
ratio r¢/Hic which enters in the exponential of (22).

The comparison of the two flows, Fp, max and F, permit us
to draw immediate conclusions(13, 14) on the behavior of the
vertical distribution of the constituents. To this end, it is a
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question of first introducing the value of the concentration n
into (22) for a selected temperature of the thermopause. If
we introduce the concentration that is obtained by integration
of (20), that is, by integrating the expression giving the con-
ditions for the equilibrium of diffusion, we get the maximum
value of the escape flow, . y,... I

}(‘D Max ~ l"C Max ’ (23)

the conditions of equilibrium of diffusion can be applied since
the diffusion flow always supports the escape flow. This is
the case for helium, where the diffusion flow at the start of
the heterosphere is always greater than the flow resulting
from its escape into interplanetary space. In other words,
the flow Foq wu(fe® given by (18) is always greater than the
flow of He* atoms which can result from its generation in the
earth's crust (<107 He4 cm—2 sec—1). As a consequence, the steady
state case for He* is represented in the region of diffusion by
a vertical distribution of diffusion equilibrium defined by (20).
If

FD Max £ FC Max’ (24)

the result is that the diffusion flow cannot support the escape
flow. In this case, the concentration n); decreases to the
point where it is adapted to the equality I = Fj ... There
then will be, as a function of altitude, a decrease in the therm-
ospheric concentration of the constituent, in order to account
for the maximum value of F;. This is the case for atomic
hydrogen when (24) is applied. In fact, the equation

}(‘C (1) = FD Max (ro‘/r)2 (25)

when written for atomic hydrogenH, must be applied to deter -
mine the vertical distribution of the hydrogen.

The application of (18) and (19) and of (23) and (25) leads
to the following order of magnitudes of concentrations at 500 km:

TR 2000 1400 1200 1000

ngo (Heh), (en®  2.0x10%  1.9x10%  1.8x10®  1.6x10®

ngo ), (end 1 x10° 5 x10° 1. x10* 3 x1o0?

We see that the behavior of helium and of hydrogen is dif-
ferent. Helium is in diffusion equilibrium and at practically
the same concentration at 500 km. This depends on the value
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of the concentration taken at the beginning of the diffusion equilib-
rium level. Hydrogen, on the other hand, cannotattain diffusion
equilibrium conditions inthe thermosphere. Its concentrationat
500km decreases then when the escape velocity V., increases with
temperature. We have, according to(22)and(25):

Fp Max = F¢ = n1e vic » (26)

that is, a decrease of n,; when v, increases. The increase
of v,c is very rapid as T increases, and that is why the con-
centration of hydrogen in the exosphere varies by more than a
factor of 10 whenthetemperature varies from 2000°K to 1000°K.

HEATING BY SOLAR ULTRAVIOLET RADIAT ION

When solar radiation is absorbed, we can consider that,
in a general form, the production of heat P takes the form

Pk B o dr (27)

uv

where K is the appropriate cross-section of absorption. E,, the
available solar energy for the heating, and - the optical thick-
ness. Integration of (27) gives the flux of heat, I at an altitude
z,

E=E,  +E, (1-¢") (28)

00

where E_ is the energy of a source of heat external to the at-
mospheric layer considered.

The atmosphere is heated by all the radiations of the solar
spectrum. But the radiations which are most important for the
heating of the thermosphere belong principally to the spectral
region between 900A and 200A. The energy that the thermos-
phere receives (E 2 1 erg cm™? sec’!) in twelve hours is equiva-
lent to the total kinetic energy of a thermospheric column.
Thus, there exists in the thermosphere a region centered
appropriately around 150 km where the solar flux absorbed is
actually effective in the heating. At 100 km and in the lower
regions, the solar flux absorbed is also very important. But the
kinetic energy of an atmospheric column is very high compared
with the flux received during the course of a day. This pro-
duces, then, only a small increase of the temperature. At the
very high altitudes, where the optical thickness becomes small

E-r B, (29)

and the ultraviolet heating is very weak.
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It is necessary to introduce a system of cooling which
does not permit the excessive accumulation in the interior of
the thermosphere. The three modes of transport of heat con-
vection, radiation, and conduction can be introduced. At the
higher altitudes of the thermosphere, convection plays scarce-
ly any role. The loss by radiation is limited to the oxygen
atom at 63 1 and does not exist for the molecules N, and 0,.
The transport by conduction is the most important process be-
cause it depends on the gradient of the temperature. Thus, it
is this phenomenon that must be considered first for the loss
of heat in the thermosphere.

THE CONDUCTION OF HEAT
The density of the heat flow E_ is expressed by

E, = - A, grad T, (30)

c

and the equation of continuity is written

T
po, o +divE = P-L. (31)

The coefficient A, is the thermal conductivity that we can
write for each constituents of the atmosphere in the general
form

A, = ATY3 (32)

where A is an appropriate constant.

The coefficient ¢, is the specific heat at constant volume,
while P and L are the production and the loss of heat per unit
time and volume, respectively.

By writing:
T
0 = f— 2 oar (33)
'\2
T

where T, is the temperature at the altitude where we introduce
the boundary conditions, we obtain for (31) the expression

A T2/3
a0 1 P-L
3
L AT2

where A, is also a constant.
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When we study the cooling of an atmospheric layer where
the conditions are simple, the application of (34) shows that
the time of cooling is inversely proportional to the concentra-
tion and to the square of the distance. Thus, the cooling time
is about 100 times more rapid at 500 km than at 200 km. The
practical result from the point of view of the behavior of the
atmosphere is that (1) due to the decrease of E with altitude,
Eq. (29), and (2) due to the decrease of the cooling time with
altitude, the tendency to a vertical isothermy is the essential
characteristic of the upper atmosphere. In fact, the higher
regions of the atmosphere (> 500 km) can thus be considered as
being best represented by a vertical isothermy and by a state
of diffusion equilibrium.

Finally, if we assume steady state conditions, we see that
the vertical distribution of the temperature depends on the
equality of the effects of the conduction and heating flows. We
have, then, for temperatures between 400°K ard 1600°K in a
molecular atmosphere, the following values of the temperature
gradient

(dT/dz),,, = (20 £ 6k (35)

if £ is expressed in erg cm™? sec’!, or for the gradient g8 of the
scale height

B = (0.46 * 0.10) k. (36)

This elementary examination of the process of conduction
justifies the existence of the required gradients in the thermos-
phere in order to explain the high densities deduced from the
variation of the periods of artificial satellites. Moreover,

the diurnal variation of the density is explained by the double
fundamental process of ultraviolet heating and conduction lead-
ing to a diurnal variation of the temperature. Finally, from
the fact that the ultraviolet flux changes with solar activity, the
ultraviolet heating is variable. The density of the atmosphere,
whose observed variation is correlated with that of a solar
activity index, is explained by a variation of temperature.

THE VARIATION OF THE CONSTITUTION OF THE UPPER
ATMOSPHERE AS A FUNCTION OF THE TEMPERATURE

When the conditions at the onset of diffusion are fixed in
the thermosphere, the vertical distribution of the constituents
can be determined throughout the upper atmosphere. In effect,
the vertical distribution of the temperature determines that of
the pressure, of the density, and of the concentration of each
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constituent. In the steady state case, the diffusion equilibrium
is applicable and the differences between the diverse vertical
distributions of the total density depend upon the conditions of
temperature which affect the several constituents differently.

It thus is necessary to have an idea of the ratios of the
concentrations of the principal constituents in the lower atmos-
phere where we must introduce the diffusion conditions. First,
it is necessary to account for the dissociation of the oxygen
(cf. Figure 1) and the onset of diffusion (cf. Table I). It is not
possible to represent by a single atmospheric model all the
conditions of the lower thermosphere. Some seasonal varia-
tions must appear following the position of the sun and, con-
sequently, a latitude effect must exist. Nevertheless, the
essential condition to be fixed at the beginning of the diffusion
level is the ratio of the principal constituents. We have em-
phasized above that molecular nitrogen must be the principal
constituent of the lower thermosphere and that molecular oxy-
gen must be more abundant than atomic oxygen below the zone
of equilibrium of diffusion.

It is fitting, however, to indicate here that this last con-
cept is not accepted in certain recen% works. Hinteregger
and Norton, Van Zandt, and Denison , consider that atomic
oxygen very rapidly becomes the most important element. For
example, we note that n(0)/n(Ny) 2 1 at 130 km and that n(0)/n(0,)
> 1at 100 km. Such propositions are hardly acceptable if we
refer to the results obtain(ed by the mass spectrographic
measurements in the USA(17) and in the USSR(18), These ex-
perimental results approach much more closely the conditions
adopted by Nicolet(lgl;. For example, the molecular mass at
200 km takes on the following values:

Nicolet(19) Townsend(17) Pokhunkov (18)
24.3 £0.5 > 22 24.4

Van Zandt(le) Hinteregger(ls)
18.7 <18.5

It is then difficult to escape the conclusion that the molecular
mass at 200 km is greater than 22, that is

n(N2) 2 n(0) at 200 km

and thus the adoption of values of M <20 cannot be justified in
actual circumstances.
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By adopting as initial conditions those which are given in
Table I at 120 km, we can choose different temperature gradients
and thus obtain the vertical distributions of the concentrations
of N,,0 and 0,. The several vertical distributions must be
adapted to Eq. (2) and the ensemble to Eqs. (28) and (34). A
first result applied at 150 km (Table II), shows the small
variation of density at this altitude. A variation of temperature
greater than 1000K gives only a small variation of the density
p = (25101 10'2gm em. But at 400 km for example, the re-
sult is such that (Table III) the density varies by more than a
factor of five. From 500 km, the conditions become different
because of the presence of helium (20), It is possible to account
for the presence of helium in hydrostatic equilibrium up to
3000 km. As for hydrogen, it is necessary to account for the
fact that its vertical distribution in the thermosphere depends
upon the diffusion flow. Figure 3 indicates clearly that below
120 km, its vertical distribution is not far from that of an
atmosphere where mixing takes place. It is necessary to reach
altitudes on the order of 500 km in order to be able to represent
the vertical distribution of hydrogen by a state of diffusion
equilibrium. We thus reach the conclusion that the concentra-
tions of hydrogen and of helium have a different behavior at
500 km. If helium is characterized by a concentration which
is almost constant, that of hydrogen varies as a strong function
of temperature. Figure 4 is an example of the conditions existing
at 500 km and shows how the differences appear up to 3000 km.

In regrouping the set of conditions which are attached to
O, N9, He, and H, we obtain the numerical results (14) pre-
sented in Table IV. We realize immediately the importance of
helium when the temperatures are high. It is fitting to be able
to indicate that these results can differ from those published
by other authors (Harris and Priester, Paetzold and Kallman-
Bijl, 1962*). This is easily explained because, when the
thermal diffusion (e, in Eq. 16) is neglected, the calculated
concentration of He and H as a function of altitude is not
correct. Moreover, when the diffusion equilibrium is applied
to hydrogen in the thermosphere, considerable errors are
introduced.

THE SOLAR RADIATION AND VARIATIONS OF TEMPERATURE

In examining the variations of the density as functions of
the temperature, (cf. Table IV), we must conclude that the
variations of the density deduced from the variation of the
periods of satellites are linked to the variations of tempera-
ture. From 1957 to 1962, many observations of satellites

* COSPAR meeting, May, 1962, being published.
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Figure 3. Vertical Distribution of Atomic Hydrogen between 100 km and 200 km

(from Kockarts and Nicolet, Annales Géophys., 18, 269, 1962)

have been made. These demonstrate that the ultraviolet flux
from the sun warming the thermosphere has decreased markedly
from the maximum of solar activity until 1962. This result is
generally explained by the introduction of a solar activity index.
The radioelectric solar flux at 10 cm is usually chosen because

the observations made at Ottawa cover more than one cycle of

solar activity. It is equally proven that it is at this wavelength
that the flux varies most strongly. Nevertheless, it is best
to be very careful in the study of the correlation between a
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Table II
Physical parameters at 150 km
D[ 5@ [ @ @ ® ® [u@ | ®

No 150-160 | Hp

0 | 877 | 29.8 0.67 20.0 |2.41(-12) | 5.0(-6) | 26.2 |5.6(+10)

1 873 29.6 0.56 20.7 |2.43 5.0 26.2 |5.6
1.5| 863 29.3 0.53 20.9 |2.45 5.0 26.2 |5.6

2 852 28.9 0.48 21.0 |2.48 5.0 26.2 [5.7

3 829 28.1 0.44 21.0 |2.54 5.0 26.1 |5.8

4 803 27.3 0.38 21.0 |2.59 5.0 26.1 |6.0

5 i 26.4 0.35 21.1 |2.62 4.9 26.1 |6.0

6 751 25.6 0.31 20.8 |2.65 4.8 26.1 |6.1

7 | 726 | 24.7 0.28 20.4 |2.61(-12) | 4.5(-6) [26.1 |6.0 (+10)
(1) temperature in oK;

(2) Atmospheric scale height in km;

(3) Gradient of H for the height interval indicated in the table;

(4) Density scale height parameter;

(5) Density in gm. cm™® with (-12) for 10-12;

(6) Pressure in mm Hg with (-6) for 10_6;

(7) Mean molecular mass with the mass of atomic oxygen M = 16;

(8) Total concentration in em*® with (+10) for 1010.

Table III
Atmospheric conditions at 400 km
o | 52 5 (3) H‘)(4) p(s) p(s) u? (8

No 400-420

0 2086 | 96.9 0.14 91.2 |1.93(-14) | 1.2(-7) |20.6 |5.6 (+8)
1 1826 | 87.3 0.13 82.3 [1.53 8.7(-8) |120.0 (4.6
1.5| 1707 | 82.8 0.12 74.6 |1.36 7.3 19.7 |4.1

2 1597 | 78.6 0.11 73.6 (1.19 6.1 19.4 (3.7

3 1412 | 71.6 0.10 67.7 [9.11(-15) | 4.2 18.9 (2.9

4 1272 | 66.2 0.09 62.7 |[6.89 3.0 18.4 |2.2

5 1155 | 61.5 0.08 59.2 [5.16 2.1 18.0 |1.7

6 1059 | 57.6 0.07 55.4 |3.86 1.4(-8) |17.6 |1.3(+8)
7 978 | 54.2 0.08 52.6 |2.81 9.9 (-9) [17.3 (9.8 (+7)

Same explanations as for Table II.
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Table IV
Concentrations (cm'3), Mass (0 = 16) and Total Density

(gm cm'3) from 500 km to 3000 km for Various Thermo-
pause Temperatures

"":f;:“‘" 2113 1837 1711 1598 112 27 1155 1059 978
500 km
() 1.58x10° 1.25x10® 1.10x10° 9.45x10" 6.91x10" 4.96x107 3.49x107 2,42x107 1.63x107
athy) 4.85x10" 2.90x10" 2.17x107 L.s9x107 8.39x10° 4.35%10° 2.18x10° 1.08x10® 5.17x10°
n(He®) 2.26x10° 2.25x10° 2.20x10° 2.19x10° 2.11x10° 2.01x10° 1.90x10° 1.77x10® 1.66x10°
) 8.27x10° 1.34x10° 1.74x10° 2.28x10° 3.91x10° 6.51x10° 1.10x10° 1.85x10" 3.11x10*
18.9 18.2 17.9 17.6 17.0 16.5 16.1 15.7 15.3
Total Dematty  6.71x10°0 48 x107® w0 x0® 33107 2307 s x10® Lox0™® 7.0 x07' 4.7 x10718
750 km
(0) 2.45x107 14910 1.11x107 8.17x10° 4.32x10° 2.30x10° 1.18x10° 6.00x10° 2.98x10°
atx,) 1.86x10° 6.98x10° 3.96x10° 2.20x10° 6.58x10" 2.01x10* 5.80x10° 1.68x10° 4.71x10°
n(He’) 1.42x10° 1.32x10° 1.26x10° 1.19x10° 1.06x10° 9.33x10° 8.15x10° 7.04x10° 6.08x10”
() 7.36x10° L0’ 1.51x10° 1.95x10° 3.28x10° 5.37x10° 8.89x10° 147x10" 2.42x10"
" 16.2 15.6 15.2 1.8 1.8 12.6 1.1 9.5 7.8
Total Density 75 x07® L x10® 3207 24 x0T 12x07®  6ax10"7 37 w0t 2.1 a0V 1.2 x10” V7
1000 km
(0) 6.18x10° 2.05x10° 1.32x10° 8.34x10° 3.27x10° 1.31x10° 4.99x10" 1.92x10" 7.15x10”
n(,) 1.65x10° 2.17x10° 9.45x10° 4.05x10° 7.18x10% 1.34x10? 2.31x10" 4.0ux10° -
e’y 9.26x10° 8.03x10° 7.29x10° 6.71x10° 5.53x10° 4.56x10° 3.70x10° 2.97x10° 2.39x10°
a0 6.60x10° 1.03x10° 1.32x10° 1.69x10° 2.79x10° 4.48x10° 7.26x10° 1.18x10" 1.91x10"
Mass 1.2 1.7 1.8 10.7 8.5 6.6 5.4 w6 4.1
Total pemstty 13 x107% e x0  4soxw0 27 x0T 12x07 65 x0T 35 x07® 25 %07 18 x10718
1250 lm
(0) 8.97x10° 3.21x10° 1.80x10” 9.85x10" 2.93x10* 9.00x10° 2.61x10° 7.67x10% 2.20x10°
a) 5.64x10° 8.47x10° 2.90x10 9.64x10" 1.05x10" 1.24x10° - s s
(e 6.21x10° 5.05x10° - 4.43x10° 3.93x10° 3.03x10” 2.33x10° 1.77x10° 1.33x10” 1.00x10”
() 5.97x10% 9.2 x10? 1.16x10 1.48x10° 2.40x10° 3.79x10° 6.05x10” 9.64x10° 1.54x10"
Ha i 8.8 7.5 6.4 5.0 4. 4wl 3.9 36
Total Density 28x0"7  12x07 77 x0® 52 x10® 28 x0™® 1ex0™® 13 x0T 92 k0™ 7.0 x107?
1500 tam
a(0) 2.01x10° 5.65x10" 2.79x10" 1.33x10° 3.06x10 7.34x10% 1.65x10° 360l . g.43x10°
agn) 4.12x10? 4.06x10" 1.20x10" 2.91x10° - - -- - ==
2“ 5 5 S 5 5 5 4 4 4
ate) 4.27%10 3.27x10 2.78x10 2,39x10 1.72x10 1.25x10 8.86x10 6.25x10 4.63x10
) 5.43x10% 8.25x10 1.03x10° 1.30x10° 2.08x10° 3.23x10° 5.09x10° 7.97x10° 1.25x10*
Mase 7.8 5.8 5.1 w6 42 4.0 3.9 3.7 3.3
Total Density 8.2x10"® 37 .0 26 x10"® 1.9 x1071® 12x07® g5 a0 6ox0 4.3 %1071 3.2 x10”
2000 km
a(0) 1.32x10° 3.40x10° 9.34x10? 3.40x10? 5.00x10" 7.65x10° 1.08x10° - -
a(8,) - -- - - - -- - -- -
n(e) 2.16x10° 1.48x10° 1.19x10° 9.63x10" 6. 1ux10" 3.98x10" 2.52x10" 1.59x10" 1.00x10"
a0 4.57x10° 6.76x10° 8.35x10? 1.04x10° 1.60x10° 2.43x10° 3.71x10° 5.64x10" 8.60x10°
Mass IR w2 a1 w0 3.9 3.8 3.6 3.2 2.6
Total Density 1.8 x10™'® 1.1 x10” 8.2x10™ 65 x0™? 41 x0® 27 x0T 170 L1x0? g1 x102°
2500
n(0) 1.29x10° 1.45x10% 4.60x10" 1.38x10" 1.30x10° == 5 % -
n(,) - - - - - -- - - -
4
n(ie) 1,18x10° 7.35x10" 5.59x10" 4.29x10" 2,46x10" Lasxi0® 8.24x10° 4.69x10 2.69x10°
a0 3.92x10% 5.67x10° 6.91x10? 8.47x10? 1.27x10° 1.88x10° 2.80x10° 4. 15x10° 6.17x10
Mas w1 4“0 4.0 4.0 3.8 37 3.2 2.6 1.9
Total Density s2x10®  49x0?  37x0?  29x0 19 2107 9.9 %102  5.9x10%° 35 %1070 2.8 x107%°
3000 km
a(0) 1.37x10* 1.12x10" 3.12x10° - - - . =
a(n,) - -- - - -- -- - -
4 4 4 4 4
alie’) 6.aaxic) 399107 25010 2.0%107 Looxm: 5.85x107 3.04x10° 1.58x10” 8.25x10%
a@) 3.42x10 4.84x10 5.83x10 7.06x10 1.04x10° 1.50x10° 2.18x10° 3, i6510° Py
Hass 4“0 “o 3.9 3.9 3.7 E 2.8 2.0 Ls

19

Total Demsity 4.6 x07% 2.6 <107 19x10™ 14 x10? 74 x0® 41 X0 2.4 x107® 1.6 x1072° 1.3 x10720
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Figure 4. Vertical Distribution of Helium and Atomic Hydrogen from 500 km
up to 3000 km in Diffusion Equilibrium (from Kockarts and Nicolet,
Annales Géophys., 18, 269, 1962)

radioelectric flux at a selected wavelength and the tempera-
ture of the thermopause. A monochromatic emission cannot
account for the variations of the integrated effect of the solar
ultraviolet radiation. A lack of correlation between the solar
emission at 10 cm and the temperature of the thermopause in
the course of a cycle of solar activity cannot be interpreted
by a hypothesis such as that of corpuscular radiation. It is
necessary, on the contrary, to account for the fact that the
use of a single wavelength for an index of solar activity does
not represent the complete set of conditions. Moreover, it

is necessary to consider that the conditions of the low ther-
mosphere are variable in the course of the year and modify
thus the boundary conditions of all the upper atmosphere.

The case of the disturbances is different. When a magnetic
storm occurs, it is certain that the upper atmosphere is in-
fluenced on a worldwide scale. That is why it is not the result
of a direct effect of charged particles at 150 km and at the
equator. It is necessary that the general warming of the
atmosphere be due to a type of heating with a hydromagnetic

character. This can appear in the disturbed conditions of the
magnetic field.
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THE CONSTITUTION OF THE IONOSPHERE

The constitution of the conventional ionosphere limited at
its summit by the maximum of concentration of the F, region
can be determined by the study of photoionization equilibrium.
In other words, the ultraviolet radiation of the sun ionizes the
pr1nc1pal constituents N,,0,, and 0. Thus, the ions N, , 0,
and 0" must appear. There are, however, two exceptions:
cosmic radiation, as has been shown by N1colet (cf. Nicolet-
Aikin(7) ), is responsible for the ionization in the lower part
of the region D and must decrease from the equator to the
poles with respect to the penetration of the particles. The
Lyman-« chromospheric radiation does not ionize the oxygen
and nitrogen but direct ionization of the NO molecule is possible.
However, the mass-spectrometric observatmns (cf. Johnston(11)
and Istomm (21) ), demonstrate that the NO*ion is so abundant
that it must result from atmospheric reactions and not from
direct photoionization of NO in the E and F reglons Finally, the
addition in the E region of ions such as Mg , Ca gsSomm(Zz))
must result from the effect of meteors (N1colet

The process of photoionization depends on the energy of
the ultraviolet radiations penetrating the ionosphere. At
present, we see that the conditions for the study of photoioniza-
tion, in spite of the observations made by :sounding rockets,
are very different, although the authors state that the ionospheric
structure is explained. For example, Ivanov- Kholodny(24) uses a
solar ultraviolet flux 10 times greater than that presented by
Watanabe and Hmteregger(25) If such differences are introduced
for the study of the effects of ionization, it is certain that the
differences are even greater in the application of ionospheric
reactions. This results first from the fact that the experimental
measurements of the reaction rate coefficients are not suffi-
ciently numerous and are yet too crude. Also, the system of
the reactions which can occur is extremely complex. Figure 5
indicates(26) how the diverse reactions appear after the pro-
duction of ions under the effect of solar radiation. We establish
first that only the NO"jon disappears solely by dissociative re-
combination with an electron. This is due to the fact that the
dissociation energy of NO'is the highest, 10.88 eV. This ion can
then exist in all circumstances for longer times than the other
ions. Also, we see that N; undergoes, in addition to dissociative
recombination, a charge transfer with oxygen (0 and 0,).

The result is that this ion is less abundant at the lower altitudes
than in the F region because of the high concentrations of 0,
and 0. Thus, the 0*ion results completely from the direct
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photoionization of atomic oxygen and partially from the photo-
ionization of nitrogen. The disappearance of 0" is caused
simultaneously by ion-atom interchange with 0, and N,. This
ion-atom interchange process leads to 0, and No*. We see
that it is necessary to know the values of the reaction coeffi-
cients very precisely in order to establish the ionospheric re-
combination. Finaly Figure 5 shows that 0;’ can become No*
by a reaction with N,. Even if such a reaction has a low prob-
ability, it cannot be neglected in the D region where the mo-
lecular nitrogen is very abundant. Then, we can state, in the
first approximation, that the following reactions will be im-
portant:

Charge transfer processes

i Nyg + O = 0" + N,

(37a)

s Ny + 0y = 05 + Ny (37D)
Ion-atom interchange reactions

ps; 0V + N, = NOT 4N (382)

i 0V +0, = 05 + O (38Db)
Thus, at all altitudes

19 s N"+0, = 0 +NOT (39)
and finally, in the lower ionosphere,

(395 05 + N, = No* + NO ©(40)

A full description of the structure of the ionosphere still
requires, then, many more experimental studies, and it is
also necessary to extend the domain of the studies with the aid
of sounding rockets.

When the effect of the ionospheric reactions decreases be-
cause of the concentration decrease, it is necessary to in-
troduce the effect of diffusion of ions and electrons. We can
say that the F,peak results from the effect of the decrease of
the electronic recombination and the augmentation of the dif-
fusion effect with altitude. That is why it is necessary to study
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the upper ionosphere in the frame of diffusion. Thus, when
Nicolet(20) showed that the existence of neutral helium re-
quired also the presence of ionized helium, the observations
(Hanson(27), Bourdeau et al(28), Bauer and Jackson(29), etc.)
indicated the presence of this ion above 500 km. Thus,
Mange (30, 31) has shown how minor ions such as H' and He*
could appear with concentrations increasing with altitude. It
then required a new study(32) of the problem of the equilibrium
of diffusion of the ions and electrons.

When an ionized gas is neutral, the condition of neutrality

is
e = by Zi ni+ (41)
and
dn, d(2 Z; o)
_ (42)
dr dr

where n. is the concentration of electrons of mass m, and
charge -e nf is the concentration of ions of mass m; and
charge + Ze.

If the ionized gas is in a steady state in the presence of
external forces which derive from potential functions, the
velocities have a Maxwellian distribution (Chapman and
Cowling(g)). The presence of a magnetic field does not affect
the concentration distribution. However, when the atmosphere
rotates about the axis of z with angular velocity o, the verti-
cal distribution depends on the field of the centrifugal force
and also on the magnetic field. The potential at a distance r
from the earth's center is

(I)=q5—-(uez (x2+y2)—: we(x2+)’2)A (43)

in which ¢ represents the gravitational potential, x or y the
horizontal axis, the ratio e/m is the ratio of a particle of
mass m and charge e, and -yA,xA with zA = O the com-
ponents of the magnetic field potential.

In order to keep the neutrality of the ionized gas, an
electric field with a potential ¥ is set up to prevent the
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separation of positive and negative charges. In an atmosphere
with uniform temperature T; = T, = T, the equation for each
constituent is

dn, ne ) av
= iy 44
dr KT <"‘e x T ' ) (44)
and
dof oot do av
. (m- - Z.e —) (45)
dr kT I dr : dr

Because the charge density is effectively zero, (42) is used
and becomes, with (41), (44) and (45),

do dv . do dv
(miK—Zie F):E[Jin-+ <me ? +e?> (46)

Hence, for a diffusion equilibrium at uniform temperature T,

v EZinf (mi-m)  gp
- s Mo M S (47)
dr 57, (Z; + Dn} dr

represents the condition which keeps the gas neutral.
If u, is the average mass for ions defined by

m; + Zim,
= Zi + 1 ) (48)
condition (47) becomes
aw ad [ ZZ(Zi+ Do gy (49)
e — = — | —— . n
AR R e ¢

Since the first term of the bracket must represent the mean
mass for ions, (49) has the following form

v do

¢ %= o B - md (50)
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with

2Z,(Z;+ 1) ni+ I
Frp: & (51)
272,(Z;+1 ni+

Thus, the fundamental equations, (44) and (45), become, with
the neutrality condition (50),

dn v
d do
L B (52)
n kT dr

e

W a0
pralial (m; + Zyme = Ziny) (53)
1
If the ionospheric gas consists of electrons together with
singly ionized atoms of various kinds, u, given by (51) is
written as

Eni+ By En_; m; m, m, m,
V~+ = = + = Emy g e (54)
st 22“i+ 2 2 2
Hence, integrals of (52) and (53)
Todo
n, = D, exp l:kT ‘/; T iy dr] (55)

and

1 rodo
ol = 0,0 exp I:k—T f ) (m; + Zimg = Zyme - zu1,) d‘il » (56)
a

in which a = r represents the lowest level where equilibrium
conditions are accepted, give electron and ions distributions.
They become, with (54)

I

1 4o
n, = n,, exp {Zk—T j; T (m, + m,) dr:| (57)
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and
1 Todo
ni = nf, exp l:ﬁ _’; T (mj = my) dr -
(58)
1 Tdo
g m L E;— (m+ + me) dl':|

The integral (58) becomes, with (57)

o o Ly ) d 59

e T o R TR (59)

A similar formula for electrons is

r

n

- ea 1 d®

n, = Zn; = - Zn:a exp I:ﬁ f e (m; = my) dr:\ (60)
a

€

Hence, the general ionization equation is written as

1 Todo
L2 En;‘—a exp [ﬁ j; -E;- (mi - me) dr}
- (61)

n 2 Sind

ia

Thus Eqgs. (59) and (61) represent the concentrations of ions
and electrons in a steady state at uniform temperature when
the ionized gas involves electrons with singly ionized atoms.
Such a steady state corresponds to a diffusion equilibrium
with boundary conditions fixed at r = a by concentrations n_,
and nj, .

If the potential function ¢ is such as

do
T - "B Ea (a/r)? (62)

the fundamental formulas (59) and (61) are written as

8a (mi - me)

4o+ _ a
ni/nig = (ng,/n,) exp [ T <B+Z) 2] (63)
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and
ga (my—m) /, 4
2 Sat _ —(_>
nZ ) Dja ©XPp l: T e z (64)
2
nEB Enra
where
zZ =Tr—a

Since m, is negligible compared with m, (64) leads to

e Eni+a (n;/n;,) v
=\ (65)
Nea Snf,

where n,/n, represents the vertical distribution in diffusive
equilibrium of neutral atoms of mass m;.
If there is only one kind of ions of charge 7 -1, (65) leads

nT Ne ny we a M Ba
n, " B N e o (a+z) 2kT : (66)

that is, the scale height H_of the vertical distribution of ion
and electron concentrations is twice the scale height of the
neutral constituent.

The formula (63) or

to

nl.+ l’le8 nl. (67)

Nia
implies that 7, = 1, and cannot be applied to a highly charged
ion. Using (56) for Het and O™, we see that mixtures consisting
of electrons with ions being light (He") or with ions being heavy
and lightly charged have different behaviors.

Namely

n'* (He) _ Rea n(He) (68)
n? (He) n, ng(He)

nt(0) fea n(0) (69)

nt (0) ‘n, n(0)

e
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O “ea} 2 2 (0) (70)
it  Loe 0,00
a0 [Mea]® 0(0) (71)
nt++(0) N n, na(O)

In a layer where He'is the principal ion, very nearly

ot (He) n(0)] /4

ot (He) [“a(m i
In the same conditions, for o+,

at*(0) i n(0) 1/3 (73)

n++(0) na(o)

and for ot++

att+(0) n(0) 1/4
- [ } (74)

2t (0) - n,(0)

It is also of interest to estimate the effect of temperature
in an ionospheric layer composed mainly of oxygen ions O* and
helium ions He*. Since m(0) = 4m(He), (68) and (69) give the
following ratio

nt(He)  Di(He) [a_(0)]3/4
- (75)

aH0)  a*(0) | n(O)

showing that it must increase at each level when the tempera-
ture decreases, Figure 6, shows the variation of such a ratio
for various temperatures between 2000°K and 10000K. The
effect of temperature is very important. Furthermore, if the
two scale heights H(He) and H(He*) are compared, their ratio is
written, (53), and (54) is written as

H(He) my

. 1o (76)
H(Het) 2m(He)
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Figure 6. Variation of the Ratio of He' and Ot Concentrations with Temperatures
for Boundary Conditions at 500 km n(Het) /n(0%) = 102,

n"(0) + n*(He)
H(Het) = 2H(He) ——M8 -
n*(He) — 20%(0) (17)

which shows that helium ions are distributed according to a
negative scale height where

nt(He) < 2n%(0). (78)
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If n*(He) is negligible compared with n*(0), the scale height of
He' is

H(He™) = — H(He), (79)

that is the scale height of the minor ion He* has an absolute
value corresponding to that of the neutral atom. There is still
an increase of the concentration of the light ion with altitude
where n*(He) = n*(0), since H(lle") is given by

H(He') = — 4H(He). (80)
The condition
nt(He) < 2n*(0), (81)

leads to a positive scale height of He*, and its concentration
will begin to decrease with height.

To summarize: In an ionospheric region where (63) and
(64) represent atmospheric conditions, the general equation
for each species of ions is

nt(X) n, n+a(X) n,

a

n(X) B na(X) (82)
Hence, for two ionsY*and Z*with X*
at (X aY) 05X ng(Y)
ot (Y) n(X) ) n+a(Y) na(X) (83)
and
nt (X)n@) X))
nt @) ot (Z) n () (84)

These three equations clearly show how the vertical distribu-
tions of ionized constituents depends on the conditions at the
lower boundary. Such conditions are related to the photoioniza-
tion and recombination processes or to reactions controlling
the ratio of ions at the reference level.
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A direct application of the last condition is the charge
transfer process between hydrogen and oxygen,

H+ot=H*+o0. (85)

If such a process controls the ionization at the reference level
r=a, one can write the following condition:

n+a(0) o (H) 8
—_— (86)
n*t (M) n,0 °

where the ratio 8/9 is the ratio of products of statistical weights.
According to (83), such a condition is satisfied everywhere
when (63) is accepted. As it has been shown before, the ratio
n,(0)/n, (H) of the neutral constituents is very sensitive to
temperature. There is a variation of a factor of about 100 of
such a ratio when the temperature varies between 1000°K and
2000°K. Hence, the variation of the ratio n}(0)/n}(H) of ions is
almost identical to that of the ratio of neutral atoms according
0 (86), an immediate result is that H* becomes more important
at low than at high temperatures. Furthermore, the life-time
of neutral hydrogen at 500 km being of the order of a few hours,
diurnal variation of n(H)must occur and such a variation leads

to a variation of n*(H) according to (83). As an example, Figure7
shows how vertical distributions of 0*, Het and H* vary when the
temperatures are between 1000°K and 2000°K. With an
arb1trar§ concentration of atomic oxygen ions of the order of
109 ecm™3 in the neighborhood of 500 km for which n*(He) is about
500 cm™3, the variation of n*(H) is about a factor of 100. At
highest temperatures, a layer of 0O*ions is maintained up to a
belt of helium ions. At lowest temperatures, there is practically
no transition layer between the belt of oxygen ions and belt of
hydrogen ions.

Finally, it should be pointed out that in any planetary
atmosphere one reaches steady state conditions only in special
circumstances and that one cannot always assume equilibrium
conditions to a sufficiently good approximation. It can easily
be seen, then, that dynamical processes must be introduced to
explain real physical conditions.
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Figure 7. Vertical Distribution of O, Het and H' ions in Diffusion E quilibrium
for Boundary Conditions Defined at 500 km. The temperature effect is very
important for hydrogen ions and affects the distribution of other ions.
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